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Abstract The long-term variability of an aquaplanet climate is analyzed with a coupled atmosphere–ocean–sea ice
general circulation model. The main result of the 20,000
years simulation is a very dominant low-frequency oscillation with a period of approximately 700 years. All compartments of the aquaplanet (atmosphere, ocean, and sea ice)
are involved as the climate alternates between warmer and
colder states. Comprehensive time series analyses, as well as
a comparison between mean states of cold and warm phases,
give a detailed picture of the life cycle of the low-frequency
oscillation. The warm phases are characterized by ice-free
polar waters and a weaker meridional overturning circulation. During cold phases, the poles are completely covered
by sea ice (down to 65◦ N/S) and the overturning cells in
the ocean are stronger. The climate state changes throughout atmosphere and ocean; however, surface areas in high
latitudes are especially affected due to the changing sea ice
cover. The meridional energy transport in atmosphere and
ocean alternates with the climate regime, since the ocean is
more efficient in transporting heat poleward when the poles
are ice-free.

1 Introduction
The climate system exhibits variability on all time scales.
These fluctuations can be either externally forced, e.g.,
E. Hertwig (!) · K. Fraedrich
Max Planck Institute for Meteorology, Bundesstraße 53,
20146 Hamburg, Germany
e-mail: eileen.hertwig@mpimet.mpg.de
F. Lunkeit
Meteorological Institute, University of Hamburg,
Hamburg, Germany

by varying the solar forcing, or internally generated. To
assess possible modes of internally generated variability
and the underlying processes is of fundamental importance,
for example for interpreting paleoclimatic records or for
detecting potential anthropogenic climate signals.
Climate changes over long time scales and low-frequency
oscillations have been found in several paleoclimate
records, see for example Heinrich (1988), Dansgaard
et al. (1982, 1993). The meridional overturning circulation
(MOC) of the ocean plays a central role in the analyses of these long-term climate variations (e.g., Ganopolski
and Rahmstorf 2001, and Mikolajewicz and Maier Reimer
1990), and variations in the meridional heat transport of the
ocean have often been interpreted as a direct consequence of
the varying strength of the MOC, for example Weaver et al.
(1991). Broecker et al. (1990) and Yang and Neelin (1993),
as well as other studies, find that a strong overturning circulation causes higher oceanic heat transport and, thus, higher
temperatures, while a weaker MOC phase leads to colder
climate phases. However, here, we present results which
suggest that warm climates are not necessarily connected to
a stronger overturning circulation.
The aim of our work is to study the variability of a
coupled atmosphere–ocean climate system, in which complexities caused by land–sea configurations are eliminated,
but the dynamics of the climate system are reasonably represented and long-term simulations can be conducted. For
this purpose, we apply a coupled global atmosphere–ocean–
sea ice model of intermediate complexity in an aquaplanet
configuration.
An aquaplanet is a planet, where the entire surface of the
earth is covered by one ocean with a flat bottom and without any geometrical constraints. Many characteristics of our
zonal mean climate are hardly affected by the presence of
landmasses. Without complex land–sea distributions, many

features of the climate are easier to analyze and can be
compared to theoretical studies and conceptual models.
Aquaplanets are, therefore, an idealized test environment
for analyzing the zonal mean climate of the earth, in which
basic mechanisms and feedbacks can be highlighted and
explored.
Simpler models, which gradually reduce the climate
system to the key mechanisms, are a helpful tool in fundamental climate research and are particularly suitable
for hypothesis testing. Abrupt climate changes or different steady states of the thermohaline circulation, e.g.,
Rahmstorf et al. (2005) and Knorr and Lohmann (2007), are
examples of problems which are often addressed with models of intermediate complexity (MICs). MICs describe the
dynamics of atmosphere and ocean in less detail but still
apply sophisticated parameterizations and explicitly resolve
the geophysical fluid dynamics equations, though with a
coarse resolution for a more detailed description of MICs,
see for example Claussen et al. (2002) or Weber (2010). Furthermore, general circulation models of reduced complexity
and with a lower resolution are able to simulate long periods of time in relative short real time and are often applied
for studies on slow climate variations on long-time scales.
In the past, the aquaplanet set-up has mostly been used
with atmosphere-only models and prescribed sea surface
temperature (SST) distributions. For example, Hess et al.
(1993) simulated an aquaplanet with prescribed SSTs to
analyze the sensitivity of the intertropical convergence
zone (ITCZ) to the latitudinal distribution of SSTs. Similar
numerical experiments have been conducted by Chao and
Chen (2004). Neale and Hoskins 2001a, b) and described
an aquaplanet intercomparison project with different meridional SST distributions. Dahms et al. (2011) investigated
ITCZ splitting and the influence of large-scale eddies on the
zonal mean circulation in an aquaplanet environment with
various prescribed SST distributions.
Pike (1971) started the line of research on coupled aquaplanets by adding a simple two-layer ocean model to a
primitive equation atmospheric model. However, coupled
atmosphere–ocean aquaplanets with full GCMs were first
applied in a study by Smith et al. (2006). They use the aquaplanet set-up to investigate the role of ocean circulation on
the ability to transport heat around the globe in the coupled
system. Warm climates (considerably warmer than modern
day observations) with shallow equator-to-pole temperature
gradients result and sea ice does not form at any time of the
year.
A study by Marshall et al. (2007) followed with subsequent work by Enderton and Marshall (2009), Ferreira et al.
(2010) and Ferreira et al. (2011). Marshall et al. (2007)
analyzed the mean climate and the variability of a coupled
aquaplanet. The simulation leads to a climate with ice caps
over the poles and strong meridional temperature gradients.

Enderton and Marshall (2009) concentrated on different
ocean settings; however, in their pure aquaplanet, they find
a similar climate as Marshall et al. (2007). The mean state of
the coupled aquaplanet simulations by Marshall et al. (2007)
and Enderton and Marshall (2009) differs significantly from
the results of Smith et al. (2006). Marshall et al. (2007)
believed that differences in the ocean model formulation are
the primary source for these discrepancies. Furthermore, the
system of Smith et al. (2006) was not integrated out to equilibrium and the presence of strong lateral diffusive fluxes
in the ocean model caused unrealistically large meridional
(diffusive) heat fluxes.
Ferreira et al. (2011) found that the coupled aquaplanet
exhibits multiple stable states. Besides the cold climate state
with sea ice caps over the poles presented in Marshall et al.
(2007), there is an ice-free warm solution presented in
Ferreira et al. (2010). A snowball state is also observed,
in which the entire surface of the planet is covered by sea
ice presented in the appendix of Ferreira et al. (2011).
Ferreira et al. (2011) found these multiple stable states in
two fundamentally different configurations and conclude
that the existence of multiple equilibria relies on rather
robust dynamical features, like a wind driven oceanic overturning cell that, overlaid on a subtropical thermocline,
generates a large oceanic heat transport (OHT) in the subtropics and a comparatively small OHT poleward of the
subtropical thermocline.
Even though, coupled aquaplanets and their multiple
equilibria have been analyzed before, there are some major
new aspects in our simulations. We use a general circulation model of intermediate complexity and are therefore
able to simulate a very long period of time. In contrast to
Ferreira et al. (2011), we do not find multiple equilibria but
observe a low-frequency oscillation between cold and warm
climate states. To our knowledge, such an oscillation in an
aquaplanet set-up has not been reported before.
The coupled model used in this study is described in
Section 2. Results for the mean climate of atmosphere
and ocean are presented in Section 3, where the cold and
warm climate states, as well as their deviations from the
mean climate state, are discussed separately. The analysis
of the variability of the coupled climate system is given in
Section 4. A summary and a discussion follow in Section 5.

2 The coupled model
The numerical model applied in this study is, for the
atmospheric part, the Planet Simulator (Fraedrich et al.
2005 and Fraedrich 2012) coupled to the Hamburg Large
Scale Geostrophic (LSG) ocean model (Maier-Reimer et al.
1993). The coupling takes place through a mixed layer
ocean model, which includes a model for sea ice. The Planet

Low-frequency climate variability of an aquaplanet

Simulator can also be coupled to other ocean models, see for
example Schmittner et al. (2011), which are, however, not
able to simulate as long periods of time as the LSG ocean
model.
The Planet Simulator is a spectral model of intermediate complexity, which is freely available under http://
www.mi.uni-hamburg.de/plasim. The dynamical core is
based on the Portable University Model of the Atmosphere
PUMA, (Fraedrich et al. 1998). The primitive equations
are solved by the spectral transform method (Eliasen et al.
1970; Orszag 1970). Unresolved processes are parameterized, which include long- (Sasamori 1968) and short(Lacis and Hansen 1974) wave radiation with interactive
clouds (Stephens 1978; Stephens et al. 1984; Slingo and
Slingo 1991). Horizontal diffusion according to Laursen and
Eliasen (1989) is applied. Formulations for boundary layer
fluxes of latent and sensible heat, and for vertical diffusion
follow Louis (1979), Louis et al. (1982), and Roeckner et al.
(1992). Stratiform precipitation is generated in supersaturated states and the Kuo scheme (Kuo 1965, 1974) is used
for deep moist convection. For this study, a T21 spectral resolution (approximately 5.5◦ on the corresponding Gaussian
grid) with five non-equally spaced vertical σ -levels is used
for the atmosphere.
The thermodynamic sea ice model is based on the zero
layer model of Semtner (1976). The model computes the
thickness of sea ice from the thermodynamic balances at the
top and the bottom of the ice. The zero layer assumes the
temperature gradient in the ice to be linear and eliminates
the capacity of ice to store heat. The freezing point is set to
271.25 K. It is assumed that melting of sea ice takes place in
the atmosphere only, while freezing takes place at the lower
side of the ice. Accumulation of snow on sea ice is considered and evaporation over sea ice can take place, even
though it is assumed that the source of the evaporated water
is the ocean (i.e., evaporation does not diminish the quantity
of sea ice). Advection is not included in the sea ice model.
Brine rejection changes the salinity of the mixed layer.
The primitive equation ocean model used in this study
is the three-dimensional Hamburg Large Scale Geostrophic
model (LSG). The ocean model is based on the work of
Maier-Reimer et al. (1993) and has evolved from an original concept of Hasselmann (1982). The model integrates the
momentum equations, including all terms except the nonlinear advection of momentum, by an implicit time integration
method that allows a time step of 10 days. The free surface
is treated prognostically. An adaption of the tracer advection
scheme by Farrow and Stevens (1995) for temperature and
salinity has been implemented into the model, which uses
a predictor–corrector method, with a centered difference
scheme for the predictor and a third-order QUICK scheme
(Leonard 1979) for the corrector stage. The QUICK scheme
is less diffusive than the standard LSG upstream scheme

and less dispersive than the common centered difference
scheme. Explicit diffusion is necessary to ensure computational stability. Depth-dependent horizontal and vertical
diffusivities are employed ranging from 107 cm2 /s at the surface to 5 × 106 cm2 /s at the bottom, and from 0.6 cm2 /s
to 1.3 cm2 /s, respectively. The nonlinear equation of state
(UNESCO 1981) is used. The LSG ocean model is run with
22 vertical z-levels (thickness ranges from 50 m at the top
to 1,000 m at the bottom) on a semistaggered grid type “E”
(Arakawa and Lamb 1977) with 72 × 72 horizontal grid
points, which has a resolution of 3.5◦ . For more detailed
model description see for example Prange et al. (2003) and
Wenzel and Schröter (2007).
The coupling is conducted via the surface fluxes of heat,
fresh water, and momentum. No flux correction (or flux
adjustment) is applied. The interpolation between the atmospheric and the oceanic grid ensures global conservation.
Atmospheric wind stress and fresh water flux (the sum of
precipitation, evaporation and continental runoff) are averaged over the coupling interval (one oceanic time step = 10
days) and then given to the ocean. However, it appears that
the coupling interval may be too long to keep the oceanic
temperature constant during the atmospheric integration.
Therefore, the uppermost 50 m of the oceanic column (the
thickness of the uppermost layer in the LSG) serve as a
mediator for the heat flux: During the atmospheric time
steps, this part is treated as an oceanic mixed layer and
its temperature (heat content) is changed at each time step
according to the actual atmospheric heat fluxes (long- and
short-wave radiation, as well as sensible and latent heat
flux). In addition, the temperature is modified by an oceanic
heat flux which is computed from the heating/cooling by
all oceanic processes during the previous oceanic time step
(see below). After finishing the atmospheric part, the new
temperatures (i.e., the new heat content) are provided to the
ocean substituting the old ones and the LSG time step is
performed. During this time step, the temperature change
of the uppermost 50 m yields the oceanic heat flux to
be used for the next atmospheric integration. Note that if
no atmospheric heat flux was present during these next
atmospheric steps, the mixed layer temperature would consistently obtain the actual LSG value. The evolution of sea
ice is computed by the thermodynamic sea ice within the
atmospheric part of the integration using the same time step
(and grid) as the atmosphere. The sea ice thickness is then
given to the ocean and provides changes of salinity due to
melting or freezing.
Our simulation is carried out in an aquaplanet mode,
i.e. a planet, where the entire surface of the earth
is covered by one ocean with a flat bottom and without any geometrical constraints. The ocean has a uniform depth of 5,500 m. The model is run under perpetual equinoctial conditions, so that seasonal variations

are suppressed and the insolation is completely symmetric about the equator at all times. The solar constant
has a value of 1,365 W/m2 . CO2 concentrations are kept
constant at 360 ppm. To keep the external forcing symmetric, the annual cycle of ozone concentration is not
included.

3 Two mean states: Cold and warm climates
3.1 Time series
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Fig. 1 a-b Time series and c-d
spectra of the global mean sea
surface temperatures (black) and
sea ice cover (gray) and
maximum of meridional
overturning circulation (black;
tropical cell, gray; extra-tropical
cell)

291.0

A beneficial property of our coupled model is its ability
to simulate long periods in relatively short real time and

the simulation is run for 20,000 years. However, the spinup time of the ocean is very long. Therefore, not the entire
time series can be used for analysis. After the spin-up period
(approximately 10,000 years), the climate of the coupled
aquaplanet does not exhibit any significant trends, however, variability over a broad range of time scales can be
observed. In the following, we analyze a very dominant
low-frequency oscillation.
All compartments of the coupled climate system are
included in the low-frequency oscillation: atmosphere,
ocean, and sea ice. Figure 1a shows time series of yearly
averaged global mean sea surface temperatures (SST) and
sea ice cover. The global mean SST and sea ice cover
oscillate with a period of approximately 700 years. The
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difference between the low and high temperature extremes
amount to 1 K. The amplitude of the global mean sea ice
oscillation has peak values of 10 %.
Figure 1b displays time series of the meridional overturning circulation (MOC) in the ocean (the northern hemisphere is chosen as an example). Depicted are the maxima
(positive or negative, depending of the sense of the circulation) of the yearly averaged strengths of the tropical
and extra-tropical cells and the according 101-year running
means to filter contributions of decadal variability (see Zhu
et al. 2006). The MOC also oscillates between stronger and
weaker states with a period of about 700 years. The oscillation is in both hemispheres in phase. The period of the
low-frequency oscillation can be obtained from the spectra
of the four time series (Fig. 1c and d). Even though the spectra exhibit large differences, all show their maximum close
to 700 years.
The analysis of the nature of this low-frequency oscillation is the objective of this study. As a consequence of
the long-periodic variability, two fundamentally different
climate regimes alternate in our aquaplanet simulations.
Warmer climate periods without sea ice at the poles go along
with a weaker meridional overturning circulation, while
colder climates, which include sea ice cover down to the
mid-latitudes, exhibit a stronger MOC. The cold and warm
mean states of the aquaplanet and differences between the
warm and cold climate phases are analyzed here, while variability on smaller time scales, which also exists, is not part
of this discussion. Averages over 100 years of extreme cold
or warm phases are taken for this analysis.
3.2 Temperature distribution and hydrological cycle
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Fig. 2 Zonal mean SST (black) and sea ice cover (gray, local area
fraction) for the warm (dashed lines) and cold (solid lines) states

are shown. On the aquaplanet, the SST distribution is zonally symmetric and symmetric about the equator. Tropical
surface temperatures reach values up to 30◦ C and an equatorial minimum can be observed. SST differences between
the two climate states develop poleward of the subtropics. Higher temperatures in mid- and high-latitudes result
in ice-free poles. In colder climate periods, the poles are
completely covered with sea ice.
Sea ice is very important for the low-frequency oscillation described in this study. Additional sensitivity simulations have been conducted which include alteration of the
solar constant (so that sea ice cannot exist) and changing
the albedo of sea ice (to exclude the ice–albedo feedback).
These simulations are not discussed here, but show that the
oscillation and the two different climate states cannot be
sustained without sea ice.
Figure 3 shows the zonal mean temperature (Fig. 3a) and
specific humidity (Fig. 3b) in the atmosphere and the zonal
mean potential temperature (Fig. 3c) and salinity (Fig. 3d)
in the ocean. At high latitudes, atmospheric temperature
differences between cold and warm states are especially
pronounced. Over the ice-covered poles, the atmosphere is
much colder (up to 10 K) and dryer (approximately 1 g/kg)
than over the open waters in the warm climate state. Temperature differences in the ocean can be found at all depths.
The salinity fields correspond to the fresh water fluxes at the
sea surface. Where evaporation exceeds precipitation (see
Fig. 4), areas of high salinity develop. In the tropics (high
moisture and excess of precipitation) and at high latitudes
(low moisture and little evaporation), the salinity fields
exhibit minima. Less saline water is located underneath
the ice in the cold state, which stabilizes the temperature
inversion in this area.
The atmospheric mean circulation in the tropics transports water toward the equator, where high precipitation
(almost 2 m/a, Fig. 4) takes place. The precipitation peak
is the strongest in the warm climate phases. Tropical evaporation is hardly stronger in warm climates, but the higher
precipitation is caused by a net increase in water vapor
convergence (not shown) at the equator (which can also
be seen in the P − E budget). For the total freshwater
budget (precipitation minus evaporation) the cold/warm differences in precipitation and evaporation partly compensate
each other. However, there are some discrepancies, which
cause deviations between the two the climate regimes: Over
sea ice covered poles, the air is very dry and there is
hardly any precipitation. In warmer climates, the air contains more moisture and the precipitation rate is higher.
Strong temperature gradients between tropics and high latitudes lead to pronounced mid-latitude precipitation zones in
both cases, which are slightly higher during warm climate
phases (the differences are less than 0.1 m/a). The equatorial
precipitation maximum inside the intertropical convergence

Fig. 3 Zonal mean atmospheric and oceanic temperature (in [K]) and specific humidity / salinity (in [g/kg] / in [psu]) in the cold (dotted lines)
and warm (dashed lines) states (note the logarithmic scaling on the vertical axis in the salinity plot)
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zonal mean mass stream function (Fig. 5). Hadley and
Ferrel cells develop in both hemispheres symmetric about
the equator. The Hadley cells have a maximum strength
of about 40 × 109 kg/s, which is comparable to annual
mean observations, for example, see Peixoto and Oort
(1992). The atmospheric stream function in 109 kg/s
represents numerically about the same mass transport
as an oceanic volume transport in Sverdrups (Czaja and
Marshall 2006). The indirect Ferrel cells in the mid-latitudes
show approximately half the strength of the tropical Hadley
cells.
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Fig. 4 Zonal mean total precipitation (light gray, convective and large
scale combined), evaporation (dark gray), and the fresh water balance
(black, precipitation minus evaporation) in the cold (solid lines) and
warm (dashed lines) states
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Fig. 5 Zonal mean of the zonal components of atmospheric wind and oceanic flow (in [m/s]/ in [cm/s]) and meridional overturning circulation
(contours in [109 kg/s] / in [Sv]) in the cold (dotted lines) and warm (dashed lines) states, gray contours denote negative values

atmosphere (Fig. 5b). There is westward flow in the tropics and eastward flow in the mid-latitudes. Circulation in
the ocean (Fig. 5c) takes place in meridional overturning
cells. As meridional boundaries are missing in the aquaplanet set-up, Sverdrup balance is not possible and there are
no geostrophically balanced meridional overturning cells.
While the cells in the ocean are primarily driven by surface
wind stress, there is some evidence for an MOC reaching
into the unstratified high latitudes in the warm phase and
disappearing in the cold phase. There is Ekman pumping
in the subtropics and upwelling in a narrow band around
the equator, which leads to Eulerian mean overturning cells
in the tropics that reach down almost to the bottom of the
ocean. The cells in the ocean show similar patterns and have
the same circulation sense as the cells in the atmosphere.
The strength and structure of the Hadley cells are
strongly connected to the equator-to-pole temperature gradient, which can be explained, for example, by the model
of Held and Hou (1980). When the poles are covered with

sea ice, the meridional temperature gradient is higher and
the atmospheric overturning circulation is stronger. The subtropical westerly jets in the upper troposphere show also
higher velocities and are shifted poleward. In the ocean,
the differences between cold and warm climates are even
more pronounced. During cold climate states, the meridional overturning cells have greater strength (up to 5 Sv
higher), especially in the deep ocean. The same applies
to the zonal ocean currents, where velocities are almost
5 cm/s. In warm climate phases without sea ice, a small and
weak overturning cell develops at each pole. This circulation
pattern is absent in cold climate phases.
The pattern of the zonal surface wind is very similar to
the surface wind stress in zonal direction, which is displayed
in Fig. 6. The surface wind stress, which forces the MOC,
also changes with the climate regimes. Only in the deep
tropics, where (weak) easterly surface winds prevail, the
zonal mean profiles of the wind stress are identical. Poleward of approximately 10◦ N/S, stronger easterlies develop
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Fig. 6 Zonal mean of the zonal component of surface wind stress for
the warm (dashed line) and the cold (solid line) climate states

in cold climate phases. The strongest westerly wind stress
is excited in the mid-latitudes, where a poleward shift of
the peak can be observed during the cold state. The biggest
differences can be observed at high latitudes: without sea
ice cover, the easterly wind stress is much stronger than in
colder states.
3.4 Energy
The zonal mean atmospheric energy budget (the top of the
atmosphere radiative imbalance minus the surface budget of
radiative, latent, and sensible heat fluxes) of the aquaplanet
is comparable to observations of the present-day climate for
equinoctial conditions, e.g., (Peixoto and Oort 1992). Differences between cold and warm climate phases are mostly
caused by changes in the sea ice cover over the poles via the
surface albedo. Therefore, the polar energy deficit is much
larger in cold than in warm climate states. However, the
perpetual equinoctial conditions lead to reduced solar insolation at the poles and the feedback effects of the albedo that
are related to sea ice are rather small.
The energy surplus in the tropics has to be transported
poleward to maintain equilibrium. The zonal mean vertically integrated transport of energy is displayed in Fig. 7,
as well as the division of the transport between atmosphere
and ocean. The atmospheric transport is greater than the
oceanic transport almost everywhere poleward of 10◦ N/S,
even though the contribution from the ocean is still large.
While the total transport is almost identical in both climate
regimes, the partitioning between oceanic and atmospheric
transport is rather different. In the tropics, both climate
regimes show similar patterns, but in mid- and higher latitudes the sea ice coverage is reflected in the transport of
energy. The meridional temperature gradient is smaller during warm climate phases and the transport in the atmosphere
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Fig. 7 Zonal mean vertically integrated meridional energy transport
(total and in atmosphere and ocean) for the cold (solid lines) and the
warm (dashed lines) climate states

is therefore weaker. In contrast, the oceanic transport gains
in strength and is even larger than the atmospheric transport poleward of 60◦ N/S. When sea ice covers the poles,
the oceanic transport vanishes at high latitudes and the
atmosphere takes over.
The moist static energy of the atmosphere can be split
into dry static and latent energy. For the atmospheric transport, the large differences between the cold and warm
climate regimes at high latitudes are mainly caused by the
transport of dry static energy. Furthermore, the transport
mechanisms in the atmosphere (of total, latent, or dry static
energy) can be partitioned into transports by the mean circulation, by transient eddies, and by stationary eddies. While
the atmospheric eddy transport is very similar for the cold
and warm climates at all latitudes, the differences at high
latitudes are mostly due to the mean circulation.
The ocean heat transport is represented by advective
and diffusive transports. At all latitudes, the diffusive heat
transport counteracts the advective OHT. In the tropics, the
advective heat transport is directed poleward and strongly
dominates the OHT. Poleward of approximately 30◦ N/S,
the advective heat transport in the ocean is directed equatorward. However, the diffusive heat transport, which is
directed poleward at higher latitudes, dominates so that the
total OHT is still poleward. For the cold climate state, when
the MOC is stronger, both advective and diffusive OHT are
larger resulting in a higher total ocean heat transport than
during warm phases. During warm phases, when the MOC
is weaker, the advective heat transport decreases especially
at higher latitudes. The diffusive contribution also decreases
slightly, but only at mid-latitudes. Thus, the resulting total
poleward OHT is larger during warm phases, especially
closer to the poles.
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4 Long-periodic climate variability
The low-frequency oscillation (displayed in the time series
in Fig. 1) will be further analyzed and discussed in this
section. Different methods are applied to obtain a deeper
understanding for the nature of the low-frequency variability and to gain insight into the physical mechanisms
behind this process. Lag correlations between principal
components of the relevant climate fields capture temporal evolution and interrelations between the variability
patterns. Furthermore, a composite life cycle of the lowfrequency oscillation is computed to find relations and
feedbacks between the variabilities of atmospheric and
oceanic fields. The meridional overturning circulation of the
ocean is chosen as a representative for the long-periodic
variability.
4.1 Lead–lag correlations
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For the lead–lag correlations, the principal components
(PCs) are used which are obtained from an empirical orthogonal function (EOF) analysis applied to the individual
yearly averaged and zonal mean atmospheric and oceanic
fields. It turns out that the results for the EOF analysis are
in accordance with the composite life cycle and, thus, will
not be presented here.
The sequential arrangement of the oscillation and the
interrelationships between the variability patterns of atmospheric and oceanic fields is determined by lag correlations
between PC1 of the MOC (as a reference variable for
the low-frequency oscillation) and the other relevant PCs.
Sixty-four percent of the MOC’s variability is explained by
its first EOF. If both tropical overturning cells get stronger,
the extra tropical circulation also strengthens and vice versa.
As the low-frequency variability is a cyclic process, it is
not possible to determine which field starts the oscillation.

The lead–lag correlation plots (Fig. 8) reveal a temporal
sequence of the oscillation cycle. We define that for negative lags the variability of the MOC leads, without implying
that the MOC is the cause.
The lag correlations for the atmospheric fields (temperature and stream function) and the sea surface variables (SST
and sea ice thickness) are displayed in Fig. 8a. EOF1 of the
temperature’s variability shows very strong anomalies over
the poles. In the upper subtropical atmosphere, temperature
deviations with reversed sign occur, which is consistent with
a shift in the subtropical jets and the changing strength of
the Hadley cell. EOF1 of the atmospheric stream function
is symmetric about the equator. Hadley and Ferrel cells are
in phase, i.e., when the Hadley circulation gets stronger so
does the Ferrel circulation and vice versa. EOF1 of the sea
ice alternates between high ice cover and open waters at the
poles. The largest variability of EOF1 of the SST occurs in
mid- and higher latitudes.
PC1 of the atmospheric stream function is in phase and
very strongly correlated to the first mode of the MOC. The
oscillation of the atmospheric temperature is also in phase
with the oscillation of the MOC, but anti-correlated: higher
temperatures occur simultaneously with a weaker MOC and
vice versa. PC1 of the sea ice thickness is strongly correlated to the low-frequency variability, however, lagging
behind the MOC oscillation (approximately 50–100 years).
The SST is anti-correlated, but leads the MOC variability
(approximately 20–50 years).
Figure 8b shows the lag correlations for the PCs of
the oceanic fields. Anomalies for the EOF1 of salinity
are dominant close to the sea surface, where strong negative/positive anomalies at the poles go along with (smaller)
positive/negative anomalies at approximately 30◦ N/S. The
oceanic temperature anomaly field shows a propagating
signal and the second EOF needs to be included to represent the long-periodic oscillation, even though the larger
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Fig. 8 Lag correlations between PC1 of the oceanic MOC and PCs of a atmospheric and sea surface fields and b oceanic fields

4.2 Composite life cycle of the oscillation
The composite life cycle of the oscillation is constructed
based on the MOC as a representative variable for the lowfrequency oscillation. Temperature, for example, would also
be a suitable variable as the central component of the analysis. However, the lead–lag correlation in Fig. 8 reveals
that the time lag between the variability of the MOC and
the variation of the temperature is very small and, thus, the
resulting life cycle would hardly be affected by the choice
of the variable.
For the composite life cycle, we identify the local maxima in the time series of the first principal component of the
MOC and compute the mean distance between the peaks.
With the length of the mean distance, each single oscillation
cycle centered around the maximum is chosen. To create
an ensemble, all six cycles are plotted together in Fig. 9.
The ensemble mean (black line) is computed as well as the
standard deviation (shaded gray area). The same analysis is
repeated centered around the local minima of PC1 of the
MOC, which produces similar results.
The weak MOC phase of the cycle is more pronounced,
i.e., PC1 reaches larger negative than positive values. However, the time that the principal component spends in the
negative area is shorter. The maximum phase of the MOC
is weaker but lasts longer. The time between the minimum and the zero-crossing when PC1 is increasing (ca.
150 years) is shorter than the time between the maximum
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contribution still comes from the first EOF (for a propagating signal usually both EOFs capture a similar amount
of variance). When the first mode dominates, strong temperature anomalies are located at upper layers, especially
in tropical regions. Close to the sea floor, at the poles,
and in the mid-latitude middle ocean, temperature deviations with an opposed sign prevail. The contributions from
EOF2 show ocean temperatures, which are lower/higher
almost everywhere except for the tropical upper and middle
ocean.
The autocorrelation function for the MOC is strong, especially for a lag up to ±100 years. With a lag of only a
few years, it is very close to 1 (directly 1.0 at zero-lag).
PC1 of the salinity field is also strongly correlated to the
MOC variability, but lags behind (approximately 50 years).
Furthermore, the salinity correlation to the MOC is almost
identical to the sea ice correlation to the MOC (especially
close to zero- and small lags), which indicates that the oscillations of salinity and sea ice are closely coupled. For the
oceanic temperature, lag correlations with PCs1 and PCs2
are computed and both show strong correlations to the first
mode of the MOC. The MOC variation is approximately
50 years ahead of PC1 of the oceanic temperature anomaly,
while PC2 leads the MOC variation (50–100 years).
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Fig. 9 Mean cycle of the oscillation of PC1 of the MOC centered
around the maxima

and the decreasing zero-crossing (ca. 250 years). The system recovers much faster from a weaker MOC state and
remains longer in a stronger MOC phase.
To give an overview of the state of the coupled climate
system during the life cycle of the oscillation, deviations
from the climatological mean atmospheric and oceanic
fields are shown for four states of the MOC cycle: (1)
PC1 is at its minimum (Fig. 10), (2) PC1 is at its zerocrossing and increasing (Fig. 11), (3) PC1 is at its maximum
(Fig. 12), and (4) PC1 is at its zero-crossing and decreasing (Fig. 13). Deviations from the mean are taken for all
years with minima, maxima, and the increasing and decreasing zero-crossings and averaged. The MOC, the oceanic
zonal velocity, temperature, and salinity, and the atmospheric zonal wind, temperature, moisture (not shown), and
stream function, as well as the SST and the sea ice thickness
are presented in Figs. 10–13 and discussed in the following.
It should be noted that, in the 10,000 years analyzed
here, there are only six full life cycles of the oscillation
and Figs. 10–14 show averages over 6 years each. Because
the average is only taken over 6 years, the results for the
hemispheres are not always exactly symmetric.
4.2.1 Minimum
The MOC cells are in their weakest state and the zonal
velocity in the ocean shows weaker currents. Strong warm
anomalies (up to 1 K) can be observed in the upper and
middle ocean and cold anomalies are located at the poles
and in the mid-latitude middle ocean. Furthermore, the polar
ocean is more salty (more than 0.6 psu), which is related to
the absence of sea ice. The surface wind stress forces the
oceanic circulation. Hence, the atmospheric stream function and wind anomalies precede the MOC variability, but
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Fig. 10 Deviations from the mean oceanic and atmospheric fields when PC1 of the MOC is at its minimum. Note that for the sea ice thickness,
absolute values (not deviations) are shown and the salinity has a logarithmic z-axis

the time lag is very small (see Figure 8a). Both Hadley
and Ferrel cells are weaker when the MOC is weak (more
5 × 109 kg/s at the maximum). The exception in the deep
tropics is caused by an equatorward shift in the Hadley cells.
Tropical easterlies are weaker and subtropical jets are closer
to the equator. A weaker MOC is connected to warm and
moist anomalies at high latitudes.
The total heat transport (atmosphere and ocean) is
reduced in the tropics, but slightly stronger at high latitudes. The differences amount to 0.1 PW. This is mainly due
to the ocean, which changes more strongly (up to 0.7PW)
at high latitudes) than the atmospheric energy transport. In

the climatological mean (Fig. 5), the tropical cells of the
MOC have upward branches in the equatorial region and
downward motion in the mid-latitudes. The extra-tropical
cells also show downward motion in the mid-latitudes and
upward branches at the poles. Thus, the advective ocean
heat transport is poleward only in the tropics and equatorward at higher latitudes. However, diffusive heat transport
(especially at high latitudes) leads to a poleward OHT at
all latitudes (see Fig. 7). When the MOC is weaker, the
advective heat transport also decreases, which leads to a
poleward anomaly poleward of 30° and in total increases
the poleward ocean heat transport. It has to be kept in

Fig. 11 Deviations from the mean oceanic and atmospheric fields when PC1 of the MOC is at its zero-crossing and increasing. Note that for the
sea ice thickness, absolute values (not deviations) are shown and the salinity has a logarithmic z-axis

mind, however, that poleward of 60°, where the biggest
OHT anomalies can be observed, the MOC is very weak
and therefore the largest part of the OHT deviations in this
area is caused by an increased diffusive heat transport. Nevertheless, the increased heat transport at higher latitudes
causes positive anomalies in the mid- and high-latitude
SSTs. Consequently, sea ice does not exist.
4.2.2 Increasing
The MOC is recovering from its minimum state. PC1 is
almost zero, but there are still some anomalies in the zonal

mean field, which are caused by higher modes of variability and are small (for most areas less than 1 Sv). However,
the oceanic zonal velocity and temperature fields at the
zero-crossing of PC1 of the MOC show larger anomalies.
The tropical easterly velocity is weaker but the mid-latitude
westerly currents are stronger in the upper ocean (note
that meteorological conventions are used throughout this
work to describe the direction from which currents are
flowing). The low bottom temperature anomaly (previous
step) has propagated upward. Only the tropics still show
a warmer area close to the sea surface, where temperature maxima have shifted from the high latitudes toward
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Fig. 12 Deviations from the mean oceanic and atmospheric fields when PC1 of the MOC is at its maximum. Note that for the sea ice thickness,
absolute values (not deviations) are shown and the salinity has a logarithmic z-axis

the equator. At the poles, the positive salt anomaly still
exist.
The atmospheric fields, stream function, zonal wind,
temperature, and moisture (not shown) are at zero-lag
strongly correlated to the MOC and show hardly any deviations from their climatological means. At all latitudes the
total heat transport is stronger than in the climatological
mean, caused by an enhanced oceanic transport (0.25 PW
at the maximum). Negative SST anomalies can be observed
at the poles, where the sea ice is slowly growing but, since
it lags behind the MOC variability, hardly any sea ice has
formed at this time.

4.2.3 Maximum
The MOC strengthens in all cells, especially close to the sea
surface. Accordingly, the mid-latitude westerly and the tropical easterly ocean currents are much stronger than usual.
Only close to the sea surface at the equator there is a
westerly anomaly. The low temperatures in the ocean still
propagate upward and fill almost the entire upper ocean.
Warm exceptions occur at the poles below 500 m and in
the mid-latitudes around a depth of 2500 m. At the poles,
sea ice goes along with negative salt anomalies (almost
0.5 psu).

Fig. 13 Deviations from the mean oceanic and atmospheric fields when PC1 of the MOC is at its zero-crossing and decreasing. Note that for the
sea ice thickness, absolute values (not deviations) are shown and the salinity has a logarithmic z-axis

The polar atmosphere is colder and dryer than
in the climatological mean, due to extensive sea ice
cover. This causes a stronger meridional temperature
gradient, which forces a stronger circulation in both
Hadley and Ferrel cells. Close to the equator, a
poleward displacement of the Hadley cells can be
observed. The zonal wind shows mid-latitude westerly
wind anomalies and subtropical jets, that are displaced
poleward.
The total meridional energy transport is weaker at midand high latitudes, which is due to a weaker oceanic transport, that cannot be completely compensated by the stronger
atmospheric energy transport. Because of the decreased

oceanic heat transport (up to 0.6 PW), the high latitude sea
surface is colder and the poles are covered with sea ice.
4.2.4 Decreasing
The strength of the MOC is decreasing. As PC1 is almost
zero, there are no contributions from the low-frequency variability in the MOC anomaly field, but small hemispherically
asymmetric anomalies are caused by higher order variability
patterns. For the oceanic zonal velocity deviations from the
mean are high (1 cm/s at the maximum). Stronger tropical
easterlies and mid-latitude westerlies are observed (in the
southern hemisphere). The polar high oceanic temperature

Low-frequency climate variability of an aquaplanet

Fig. 14 Schematic plot of the life cycle of the low-frequency oscillation (the length of the arrows is not proportional to the time between the states)

anomalies (previous step) have highly intensified, spread
across the sea floor and are now connected to the mid-ocean
warm areas. However, the surface waters at the ice covered poles and the upper tropical ocean are still substantially
colder.
Atmospheric stream function, zonal wind, temperature, and moisture hardly deviate from their climatological
means. The anomalies that still exist are very small and
approximately anti-symmetric about the equator, which is
not a feature of the analyzed low-frequency oscillation. The
meridional heat transport also shows anomalies, that are
small (less than 0.1 PW even at the maximum) and approximately anti-symmetric about the equator. The sea ice is still
almost as high as at the MOC maximum, but the SSTs have
risen and at the ice edge the ocean surface is already warmer.

5 Summary and Discussion
We have used a coupled atmosphere–ocean–sea ice model
of an aquaplanet to study long-term variability of the climate system. While aquaplanets are not a tool for producing

very realistic climate simulations and are neither meant to
simulate past events nor to predict future scenarios, they can
be very useful for studying the climate in its most elemental
form. In an integration period of 20,000 years, we analyze long-periodic variations and observe a low-frequency
oscillation between colder and warmer climate states. This
oscillation is completely based on internal variability mechanisms as all external forcings remain constant throughout
the entire integration.
The low-frequency oscillation has a period of approximately 700 years. It affects all compartments of the aquaplanet climate system, i.e., atmosphere, ocean, and sea ice,
and is in both hemispheres in phase. Warmer climate periods
without sea ice cover over the poles go along with a weaker
meridional overturning circulation in the ocean. Colder climates with a stronger MOC include sea ice cover down
to the mid-latitudes. Even though we cannot conclusively
determine the ultimate cause of the low-frequency variability, the description of the oscillation given by our analysis
may contribute to a better understanding of the variability of the coupled climate system on very long time scales.
A comparison between the mean states of cold and warm

climate phases and time series analysis techniques, like a
composite life cycle, give a detailed picture of the lowfrequency oscillation. The life cycle is defined by the variations of the meridional overturning circulation. A schematic
plot is displayed in Fig. 14. Characteristically, the minimum of the cycle is more pronounced than the maximum,
but the climate state spends more time in the maximum
phase.
When the MOC is at its weakest state, higher temperatures prevail and the poles are completely ice-free. The
atmospheric circulation becomes weaker and the subtropical jets are closer to the equator. Relatively warm air above,
the poles is more moist and the salinity in the upper polar
oceans is considerably higher without sea ice. The oceanic
heat transport is stronger poleward of a narrow equatorial
region. Positive temperature anomalies can be observed in
the upper and middle ocean. Areas with colder waters are
located at the sea floor and at the poles below the surface.
During the maximum state of the MOC, the deviations from
the climatological average are reversed with ice covered
polar oceans.
While the total meridional heat transport (atmosphere
plus ocean) is almost identical in both warm and cold
climates, the partition between oceanic and atmospheric
transport is rather different. If sea ice covers the poles, the
oceanic transport is almost zero below the ice cover, however, the atmospheric transport becomes stronger with the
increased meridional temperature gradient and vice versa
during warm climate phases.
The transitions between cold and warm states are characterized by climate phases which are close to the climatological average. It takes approximately 150 years for
the MOC to recover from its weakest state. At this time,
only small deviations from the mean can be observed:
The SST at the poles shows cold anomalies, but sea ice
has not formed yet. The salinity has positive anomalies
at the poles, and the ocean heat transport is still larger
than in the mean. The ocean currents are stronger at the
sea surface at high latitudes and weaker in tropical surface waters. The negative ocean temperature anomalies have
spread from the sea floor upward so that the entire ocean
is colder, apart from a warm area at the upper equatorial
ocean.
The MOC spends a long time in its strong state, but
approximately 250 years after its maximum, it has declined
to its climatological average. In the atmosphere, deviations
from the mean are very small. However, since the sea ice
lags behind the MOC, it still covers the poles. Below the sea
ice, the ocean is fresher than usual, but the negative salinity
anomalies have already declined. The warm waters close to
the sea floor and at the poles have spread almost across the
entire ocean, except the colder poles directly underneath the
sea ice and a cold area at the upper tropical ocean.

That our aquaplanet model can sustain low-frequency
climate oscillations without external forcing is especially
relevant when interpreting paleoclimate records. Abrupt climate changes are documented for the last glacial period, the
so-called Dansgaard–Oeschger (D/O) and Heinrich events
(Heinrich 1988; Dansgaard et al. 1982; Dansgaard et al.
1993). D/O events typically start with an abrupt warming
over a few decades or less, which is followed by gradual
cooling over several hundred or thousand years. In our aquaplanet, the sea ice cover also changes abruptly (over about
a century) from open waters to the maximum state (ice
caps down to 65°). The time period for the transition back
to an ice-free state is similar. Abrupt climate changes, like
D/O and Heinrich events, have mostly been analyzed in the
presence of freshwater forcing (Ganopolski and Rahmstorf
2001) or Milankovitch solar forcings (Saltzman 2002), however our results suggest that observed climate variability in
the past could emerge naturally from interactions within the
climate system, without need for external forcing. As for
example Wunsch (2004, 2010) has pointed out that there are
major obstacles trying to link freshwater or solar forcings
to the data recorded in ice-cores. Our results could provide
a possible way around these obstacles by demonstrating the
possibility of large internal climate variability. This is consistent with the findings of Loving and Vallis (2005), who
have shown that cooling alone, without any additional forms
of external forcing or variability, can lead to a glacial climate that is less stable and characterized by intermittent,
millennial-scale oscillations.
In contrast to our oscillating climate states, previous
coupled aquaplanet studies (Smith et al. 2006; Marshall
et al. 2007; Enderton and Marshall 2009; Ferreira et al.
2010; Ferreira et al. 2011) found either cold or warm solutions or multiple steady states. Our warm phase is similar to
the one described by Ferreira et al. (2010), but not quite as
warm as in Smith et al. (2006). The cold solution of Marshall et al. (2007) and Ferreira et al. (2010) is colder than our
cold phase with a sea ice cover that reaches down to 55°N/S
(compared to 65°N/S in our cold state). That the MOC is
stronger during cold climate states and weaker when temperatures are higher is in accordance with the results of
Rose et al. (2013). They applied the same aquaplanet model
as Ferreira et al. (2011) and found that the MOC at high
latitudes is most active during phases of transient cooling.
Held (2001) describes the concept of tropical mass fluxes
being relatively equal in atmosphere and ocean. Directly
from the definition of Ekman transport (mass transport in
the boundary layer that produces a Coriolis force that balances the surface stress) follows that the oceanic Ekman
transport is locally equal and opposite to the atmospheric
Ekman transport. In the tropical atmosphere, the mass transport is approximated well by the Ekman transport. Usually,
the zonally averaged ocean flow contains Ekman drift as
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well as a geostrophically balanced part. Since in our aquaplanet ocean there is no geostrophically balanced flow, our
results for the overturning circulations in atmosphere and
ocean, where mass fluxes are nearly equal and opposite
because they are coupled through the surface stress, offer
a nice illustration of the type of coupling argued by Held
(2001) for the present-day tropics. It should be noted, however, that the net mass fluxes in the atmosphere are much
larger than the Eulerian mean circulations would suggest
because the eddy terms dominate outside the tropics (Czaja
and Marshall 2006).
The total energy transport of the coupled system is not
only similar to other aquaplanet simulations (e.g., Smith
et al. 2006 or Marshall et al. 2007) but also to observations (Peixoto and Oort 1992). This is expected because
Bjerknes (1964) and Stone (1978) explain that the sum of
the oceanic and atmospheric meridional energy transports
remains mostly constant throughout changes imposed on
the climate system. Stone (1978) found that the controlling
factors on the strength and structure of the total meridional
energy transport are limited to size, rotation rate, and axis
tilt of the Earth, the solar constant, and the mean hemispheric albedo. He suggested that this concept should hold
even under unusual conditions or scenarios (like the extreme
set-up of an aquaplanet). Various other studies (Manabe
et al. 1975; Clement and Seager 1999; Winton 1993) support this hypothesis. However, as we have shown in the two
different climate states, the partition of the heat transport
between atmosphere and ocean may change.
Marshall et al. (2007) and Czaja and Marshall (2006)
noted that the partition of heat transport between atmosphere and ocean in the aquaplanet simulation is remarkably
similar to that of the present climate: The atmosphere dominates in mid- to high-latitudes and the ocean dominates in
the tropics. Our total heat transport is somewhat smaller
than the one from the Marshall et al. (2007) simulations.
As in Marshall et al. (2007), our oceanic heat transport
dominates in the tropics and the atmospheric transport
everywhere else, at least during cold climates.
It should be noted, however, that the oceanic heat transport (OHT) differs from the observed OHT as well as from
the one seen in the aquaplanet of Marshall et al. (2007),
Ferreira et al. (2010 and 2011), or Enderton and Marshall
(2009), which peaks at typically 2 PW around 20°N/S and
is already very weak at 60°N/S. Our maximum is also
approximately 2 PW and located around 20°N/S, but we
still have a very strong OHT of over 1 PW up to approximately 75°N/S. While the OHT in our aquaplanet shows
the peak convergence poleward of 70°N/S, the maximum
convergence in observation and in Ferreira et al. (2011)
is located in the mid-latitudes. Consequently, in our aquaplanet, the OHT carries much more heat into high latitudes,
which affects the partition between atmosphere and ocean.

In warm climates, the oceanic transport even exceeds the
atmospheric energy transport at high latitudes. The location
of the maximum OHT convergence is crucial for determining the (equatorward) sea ice extent. According to Bitz et al.
(2005), the OHT convergence and the sea ice extent are
inversely related.
Simplified topographical ocean set-ups have been used
previously to analyze low-frequency oscillations or multiple
states. Multiple steady states have been found by Marotzke
and Willebrand (1991) for an idealized model of the ocean.
Instead of a pure aquaplanet, they insert two ocean barriers that have gaps at the pole in one hemisphere. Their
steady states are characterized by deep-water formation in
different basins. An ultra-low-frequency oscillation with a
period of 13,000 years has been found by Haarsma et al.
(2001). They applied a coupled AOGCM of intermediate complexity (with continents but a flat ocean bottom)
and found quasi-periodical behavior with large rapid transitions between different quasi-stationary states and an
MOC, which exhibits sudden (Southern Ocean) and gradual
(Atlantic basin) changes between strong and weak states.
Haarsma et al. (2001) identified the influence of sea ice on
heat and fresh water fluxes as the crucial factor.
Mikolajewicz and Maier-Reimer (1990) have integrated
the LSG as an ocean-only model with mixed boundary
conditions (modern-day orography) and found that a spatially correlated white-noise freshwater flux generated a
pronounced low-frequency signal with a period of approximately 320 years. They show that the variability is an advective phenomenon with feedback from the flux boundary
conditions. Pierce et al. (1995) give a detailed description of
this analysis.
Sea ice seems to play a crucial role for the low-frequency
oscillation, as additional simulations reveal that an aquaplanet climate cannot sustain this oscillation without sea
ice. These sensitivity simulations are not discussed here,
but include alteration of the solar constant to warm the climate beyond the formation of sea ice. In another set of
experiments the surface albedo of sea ice has been adjusted
to the value of the ocean surface to suppress any ice–
albedo related effects. For both approaches, a low-frequency
oscillation pattern is not observed.
Destabilizing heat loss to the atmosphere through the
unfrozen sea surface is probably critical to (temporarily)
maintaining the warm state of the system. Winton and
Sarachik (1993) and Winton (1993) found self-sustaining
low-frequency oscillations in their ocean model with strong
steady salinity fluxes (salting at low latitudes and freshening at high latitudes). These “deep decoupling oscillations”
arise when a steady overturning circulation encounters a
contradiction: the poleward salt and heat transport needed
to maintain convection in the polar ocean requires more
overturning than is consistent with the reduced thermocline

depth that results. Similar mechanisms could be responsible
for the low-frequency oscillation found here, including the
feedback between sea ice, polar salinity, and thermocline, as
well as the strength of the MOC.
Interactions and feedbacks between sea-ice, salinity, and
the thermohaline circulation of the ocean have been analyzed by Yang and Neelin (1993, 1997). They found a
self-sustaining interdecadal oscillation in 2D and 3D coupled ocean circulation–sea ice models. Sea-ice significantly
affects the salinity stratification, and hence the thermohaline circulation, through fresh water or brine release
associated with melting–freezing processes. The periodic
appearance and disappearance of a stable polar halocline
are also an important aspect of our low-frequency oscillation. However, the results of Yang and Neelin (1993)
differ from ours not only in the time scale (interdecadal
instead of centennial). Since we analyze an aquaplanet,
the concept of the thermohaline circulation with a sinking region in the North Atlantic cannot be accurately
adapted.
This is also true for the work of Broecker et al. (1990),
who developed a “salt oscillator” concept to explain rapid
climate shifts in the North Atlantic of the past: An active
Atlantic thermohaline circulation causes the salinity (and
hence the density) to decrease (through salt export and
meltwater input). Consequently, production of deep water
slows and the conveyor stops (or decreases strongly), which
increases the salt content until the thermochaline circulation starts again. Even though, we do no have a pronounced sinking region (like in the North Atlantic) and
the temporal arrangement of our oscillation cycle differs,
build-up and melting of sea ice at the poles and the following salinity changes also influence our low-frequency
oscillation.
Since the sea ice cover is a key feature for the lowfrequency oscillation, it is important to note that the model
runs under perpetual equinoctial conditions. It is very possible that the absence of the seasonal cycle alters the behavior of the sea ice. The question is, whether the freezing
period in the winter time is strong enough to compensate summer time melting, so that stable sea ice caps are
sustained for several centennial during the cold climate
states. The ice–albedo feedback is also reduced because
the poles receive less insolation under equinoctial conditions. If the low-frequency oscillation still takes place
when seasonal variations are included and how the period
is affected, it has to be determined by further simulations. Furthermore, when interpreting this oscillation, one
has to keep in mind that with the seasonal cycle of the
solar forcing a source of potential destabilizing variability is
missing.
The total ocean volume in the aquaplanet is substantially
larger than the one found on Earth. This affects the heat

capacity and might influence the time scales for warming
and cooling and therefore the period of the oscillation. Further sensitivity studies with different ocean depths are called
for to determine the extent of this effect.
As we have stated, this is a phenomenological description
of the low-frequency oscillation. Furthermore, the results
may depend on the respective parameter set-up of the coupled model. To analyze the underlying processes more
thoroughly and to assess the sensitivity of parameter settings, supplementary simulations are needed. Especially, the
application of the Gent and McWilliams parameterization
(Gent and McWilliams 1990; Gent et al. 1995) would be
beneficial to assess to which degree the results depend on
the horizontal diffusion.
In addition, some of the studies mentioned above include
topography (continents or idealized barriers in the ocean).
Smith et al. (2006) and Enderton and Marshall (2009)
have shown that the ocean circulation, and consequently
the entire climate system, is very responsive to idealized
boundaries in the aquaplanet ocean. Thus, the next step
would include further simulations with an increasing level
of complex orography to analyze how sensitive the lowfrequency oscillation is toward the influence of topography and continents. This line of research follows Ferreira
et al. (2011), who also found multiple stable states in
an aquaplanet which contains a single idealized barrier in
the ocean.
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