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Abstract In the present paper the effect of an abrupt
change of the atmospheric radiative forcing is investigated
by means of a global climate model that includes a mixed
layer ocean. In assessing if, under such a change, the model
response has a bifurcation point, the steady solution is
studied for a sudden decrease of CO2 concentration from
its actual value. It is found that there is a critical threshold
for CO2 content below which the model ends up to a
snowball Earth. It occurs for a few percentage changes of
CO2 concentration around the threshold because the model
strongly depends on the relationship among atmospheric
temperature, water vapor content and the sudden ice-albedo
feedback activation, even in the subtropical regions.
Moreover, results suggest that the transition to ice-covered
Earth is clearly favoured when Q-flux corrections (i.e. the
parameterization of ocean heat transports) are removed.
Keywords Radiative forcing change  Hysteresis cycle 
Global climate model  Energy balance model

1 Introduction
As known, the main contributors to the Earth’s greenhouse
effect are water vapor (including clouds), carbon dioxide,
methane and ozone. Their contribution to the greenhouse effect depends on the characteristics of the gas, its
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abundance and any indirect effects it may cause (Hartmann
1994). In the framework of a changing climate, the role
played by CO2 on the atmospheric radiative processes has
attracted an increasing interest. A rough estimation of the
radiative effect induced by this greenhouse gas can be
provided by the following arguments. For a clear sky
tropical atmosphere and when greenhouse gases are limited
to water vapor, carbon dioxide and ozone, radiative transfer
models, such as MODTRAN (Berk et al. 1989), predict that
the outgoing long wave radiation at the top of the atmosphere (TOA) is about 290 Wm-2 for CO2 concentration of
360 ppm, 304 Wm-2 for CO2 concentration of 20 ppm,
and 320 Wm-2 for 0 ppm. Thus, the radiative effect of
almost total CO2 removal is 30 Wm-2 and, in agreement
with Lindzen (1995), about half of the effect occurs in the
last 20 ppm.
The direct radiative effect of a decrease in CO2 concentration may be amplified by the concomitant reduction
of the water vapor content due to a drying atmosphere. In
fact, if water vapor scale height is set to zero for CO2
concentration of 20 ppm, MODTRAN computation suggests that the atmosphere would lose about 368 Wm-2
toward the outer space (compared to 304 Wm-2 mentioned
before, a value very close to the incoming radiation at
tropical latitudes). In the circumstance in which the outgoing long wave radiation exceeds the incoming solar, it
would be possible that the surface temperature drops below
freezing, so that sea ice may form. The question is whether
the sea ice will extend even to tropical regions. In this case,
the insulating effect of ice would almost completely cut
ocean heat fluxes and a sufficiently large evaporation,
which strongly controls the surface heat budget, so that the
steady state would be irreversibly locked in a permanent
snowball, unless (perhaps unreasonable) large amount of
greenhouse gases is injected, later on, into the atmosphere.
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This should be because the atmosphere has lost the main
component of the greenhouse effect (i.e. the water vapor)
and the other greenhouse gases might not be able to
compete with the ice-albedo feedback. Hence, the icealbedo feedback, triggered by the water vapor content
variation, might be crucial in determining the reversibility
of the ice-covered Earth state. These features have to be
addressed more quantitatively than on the basis of the
simplified arguments discussed so far.
Recently, Voigt and Marotzke (2010) used the coupled
atmosphere–ocean general circulation model (GCM)
ECHAM5/MPI-OM to investigate the transition from the
present-day climate to a modern (present land mass distribution) snowball Earth. By applying an abrupt decrease
of the total solar irradiance (TSI), they found the critical
TSI marking the snowball Earth bifurcation point, and,
more importantly for our purposes, they noted that the
transition to the modern snowball Earth can be obtained by
keeping TSI at its present-day value but setting the atmospheric CO2 concentration to 0.1 % of its pre-industrial
value. Differently, Lacis et al. (2010), by zeroing out the
whole non-condensing greenhouse gases in a GCM with a
mixed layer ocean, found that even though the global
surface temperature becomes colder than -21 C, incident
solar radiation is sufficient to keep about one half of the
ocean ice-free. The simulation carried out using a coupled
atmosphere–ocean GCM confirmed this result. Also, Held
et al. (2010) studied the fast and slow components of the
global warming by returning abruptly to the preindustrial
CO2 forcing, but the possible transition to the ice-covered
Earth has not been investigated. The snowball Earth state,
in fact, has been widely studied along the years for
Neoproterozoic (Hoffman et al. 1998; Crowley et al. 2001;
Donnadieu et al. 2004; Le Hir et al. 2007; Micheels and
Montenari 2008, Le Hir et al. 2010 just to mention a few,
see also references therein) and no specific efforts have
been made to analyze the transition to a modern snowball
state induced by an abrupt CO2 decrease. Thus, the issues
concerning the CO2 threshold for a transition to a modern
snowball Earth, the reversibility of such a state, and the
impact of ocean energy transports are still open questions
that need further investigation. These will be topics of the
present paper. In our view, these kind of analyses, even
though they appear of less interest for the low occurrence
probabilily of such a state, represent an important challenge for scientists and climate modellers for improving
their understanding on the Earth’s climate and favoring a
deep comparison among GCMs.
We could try to discuss the proposed subjects by means
of a radiative convective model as in Rondanelli and
Lindzen (2010), but we would miss the ocean response to
radiative forcing, preventing the assessment of the role
played by the ice-albedo feedback and the ocean heat
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fluxes. Thus, we used the GCM with a mixed layer ocean
developed by the University of Hamburg (Planet Simulator, hereafter PlaSim). Despite some heavy simplifications,
especially those concerning the radiative non-condensing
species (only CO2 and O3 are considered) and the slab
ocean, PlaSim simulates a reasonable present climate.
These limitations may appear an over simplification,
however, by drastically reducing the parameter space, it
pays off. Also, since Lacis et al. (2010) obtained similar
results using a GCM with a slab ocean and a GCM coupled
with a dynamic ocean, we feel enough confident on the
capability of PlaSim in representing the features under
investigation.
In particular, the present paper addresses the following
questions: (1) the climate response to a sudden reduction of
CO2 concentration and the existence of a threshold for the
transition to the modern snowball Earth; (2) the role played
by the ocean vertical/meridional heat transports in determining the global mean surface temperature under such a
change of the greenhouse gas. The first question (Sects. 3.1
and 3.2) is motivated by the different climate responses
obtained in previous studies quoted above when CO2
concentration is drastically removed or at least reduced to a
small amount, but it is far from our intention to carry out a
stringent comparison with them. Models used in fact are
different (though parameter settings are almost the same)
and it is hard to properly establish the origin of the detected
differences. Then, the paper moves to check the role of the
slab ocean (Sect. 3.2). In Sect. 4, the capability of the zerodimensional Budyko-Sellers type model (Budyko 1969;
Sellers 1969) in capturing the main features of the climate
response provided by PlaSim, is investigated. That is to
complement the results obtained, offering some speculations on the PlaSim solutions. Conclusions are provided in
the final section.

2 The model set up
The Planet Simulator (Fraedrich et al. 2005a; freely
available under http://www.mi.uni-hamburg.de/plasim) is a
climate model with the Q-flux ocean and a mixed-layer of a
given depth. In previous studies the model has been used to
analyze the effect of vegetation extremes of a desert world
versus green planet (Fraedrich et al. 2005b), the entropy
budget and its sensitivity (Fraedrich and Lunkeit 2008), the
global energy and entropy budget in a snowball Earth
hysteresis (Lucarini et al. 2010), and the double ITCZ
dynamics in an aquaplanet setup (Dahms et al. 2011). This
model is being employed to reconstruct historic climates
(Grosfeld et al. 2007), to determine the younger history of
the Andean uplift (Garreaud et al. 2010), to analyse the
effect of mountains on the ocean circulation (Schmittner
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et al. 2011), and to evaluate biogeophysical feedbacks
(Dekker et al. 2010). Furthermore, it enables investigations
of climates very different from recent Earth conditions as
shown in applications for Mars with and without ice
(Stenzel et al. 2007), the Neoproterozoic snowball earth
(Micheels and Montenari 2008), and the Permian climates
(Roscher et al. 2011). Recent studies have investigated the
effects of O3 removal (Bordi et al. 2012a) and CO2 change
at different rates (Bordi et al. 2012b) on the model
response.
The primitive equations formulated for vorticity, divergence, temperature and the logarithm of surface pressure
are solved via the spectral transform method (Orszag 1970;
Eliasen et al. 1970). The parameterizations for unresolved
processes consist of long (Sasamori 1968) and short (Lacis
and Hansen 1974) wave radiation. That is, the model takes
into account only water vapor, carbon dioxide and ozone as
greenhouse gases. Computations of their transmissivities
are taken from Sasamori (1968). The ozone concentration
is prescribed according to the analytic ozone vertical
distribution of Green (1964). The annual cycle and the
latitudinal dependence are introduced. Further parameterizations are included for interactive clouds (Slingo and
Slingo 1991; Stephens 1978; Stephens et al. 1984), moist
(Kuo 1965, 1974) and dry convection, large-scale precipitation, boundary layer fluxes of latent and sensible heat
and vertical and horizontal diffusion (Laursen and Eliasen
1989; Louis 1979; Louis et al. 1982; Roeckner et al. 1992).
The land surface scheme uses five diffusive layers for the
temperature and a bucket model for the soil hydrology. The
ocean is represented by a mixed layer (swamp) ocean,
which includes a 0-dimensional thermodynamic sea ice
model. The slab ocean model consists of a prognostic
equation at each ocean point for the oceanic mixed layer
temperature Tmix, that is:
oTmix
QA þ QO
¼
ot
qw cpw hmix

ð1Þ

where qw is the density, cpw the heat capacity of ocean
water, hmix is the ocean mixed layer depth, QA the net
atmospheric heat flux into the ocean, and QO the ocean
mixed layer heat flux (oceanic transport and deep water
exchange). As commonly done, QO is prescribed from
monthly mean data which are obtained from climatology of
the uncoupled (i.e. prescribed SST) model simulation. We
wish to notice the crucial role played by QO (see Zhu et al.
2006, 2010); in a comprehensive ocean–atmosphere model
this term, in fact, may lead to long-term memory and/or
interannual variability of the ocean circulation. The
parameterization here employed instead, limits these additional time scales in a particular climate regime. The consequence of this will be illustrated in a coming section. The
0-dimensional thermodynamic sea-ice model of Semtner

(1976) is included: sea ice is formed if the ocean temperature drops below the freezing point, set to 271.25 K, and is
melted whenever the ocean temperature increases above
this point.
The prescribed surface albedo Rs for open water is set to
a default value of 0.069. For sea ice it is given as a function
of the ice surface temperature Ti:


Rs ¼ min Rmax
ð2Þ
s ; 0:5 þ 0:025ð273  Ti Þ
where the prescribed maximum sea ice background albedo
Rmax
is set to a default value of 0.7.
s
For snow-covered areas the background albedo Rclim
is
s
modified to give the actual albedo Rs which is used in the
radiation scheme. Rs is given by:

 zsnow
þ Rsnow
 Rclim
ð3Þ
Rs ¼ Rclim
s
s
s
zsnowþ0:01
where zsnow is the snow depth and Rsnow
is the albedo of the
s
snow that depends on the surface temperature Ts as:


 snow
 Ts  263:16
snow
snow
snow
Rs
¼ Rmax þ Rmin  Rmax
ð4Þ
10
snow
snow
 Rsnow
with Rsnow
min  Rs
max and default values Rmin ¼ 0:4
snow
and Rmax ¼ 0:8.
The PlaSim is used here in T21 horizontal resolution
(approx. 5.6 9 5.6 on the corresponding Gaussian grid)
with 10 sigma levels in the vertical. The present day climate is reasonable considering the coarse resolution and
relative simplicity of the model compared with a state-ofthe-art GCM. Also, the globally averaged energy fluxes are
in good agreement with observations (Kiehl and Trenberth
1997). Larger differences (more than 10 %) can be noted in
the sensible and latent heat flux where PlaSim shows lower
(sensible) and higher (latent) heat fluxes than observed. As
the water vapor greenhouse effect is a relevant feature of
the subsequent analysis, the global water cycle as represented by the PlaSim control run is shown in Fig. 1. The
figure describes continental and oceanic precipitation,
evaporation and transports by the atmosphere and river
runoff (units in kg m-2 year-1). There is agreement with
observations (Trenberth et al. 2006): precipitation and
evaporation over the ocean (precipitation: 470 compared to
373, evaporation: 505 and 413) and over the continents
(precipitation: 142 compared to 113, evaporation: 107 and
73) are overestimated by PlaSim, while atmospheric
transport and surface runoff are slightly underestimated (35
compared to 40). Moreover, the low spatial resolution here
employed may underestimate some teleconnections such as
the ones described in Zhu et al. (2011).
The present study consists of simulations which, starting
from the control run, are performed by a set of timedependent greenhouse gas related forcings: (1) switching
off CO2 and O3 concentrations with ocean mixed layer

123

654

Fig. 1 PlaSim global and annual mean water budget (units in
kg m-2year-1)

depth of 50 m and 250 m; (2) instantaneously decreasing
the CO2 content to 30 and 20 ppm and then, after
200 years, abruptly increasing it to 2,000 ppm; (3) an
instantaneous decrease of CO2 content to 30 ppm without
Q-flux corrections. The setup for the control run is given by
the actual O3 distribution, the present CO2 content
(360 ppm), and the mixed layer depth of hmix = 50 m.

3 The planet simulator analysis
In this section, we describe the main results obtained using
the PlaSim in investigating the transition to ice-covered
Earth induced by a sudden CO2 decrease and the role
played by Q-fluxes.
3.1 Effect of sudden CO2 removal
Let us consider the Planet Simulator described in Sect. 2.
We have computed the equilibrium solution for
CO2 = 360 ppm that, in our framework, represents the
present climate. Then, we have instantaneously removed
both CO2 and O3. It is worth noticing that in the present
model O3 must be removed if CO2 concentration is set to
zero, otherwise the stratospheric warming effect of O3
would lead to an unstable solution causing a model blow
up. CO2 stratospheric cooling, in fact, would no longer be
able to compensate the O3 warming. By setting the mixed
layer depth at 50 and 250 m, respectively, we have summarized the model results as in Fig. 2.
In agreement with Lacis et al. (2010) and MODTRAN,
the initial inbalance due to CO2 and O3 removing at TOA is
about 40–50 Wm-2, about 30 Wm-2 due to CO2 and the
rest to O3. However, at variance with Lacis et al. (2010), but
in agreement with Voigt and Marotzke (2010), we get in
both cases a snowball Earth. This may be due to differences
in the models used, different Q-flux structure, or other different model features that may hardly be identified. Other
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differences are found in the cloud cover behavior that, in
our case, is decreasing in time because of the drastic
reduction of the atmospheric water vapor, while in Lacis
et al. (2010), it is increasing. These features appear robust
with respect to the ocean depth. Nevertheless, our results
suggest that in the absence of non-condensing greenhouse
gases the planet described by our model has two clearly
distinct features: (1) a first phase from the time of switch-off
to a time, depending on the depth of the passive ocean,
where the rate of change of the parameters appears to follow
a slow linear response to the induced forcing perturbation
(of the order expected by merely computing the radiative
response), and (2) a second phase characterized by a faster
response, seemingly nonlinear, leading to the transition to
the snowball state. To be noted is the rapid decrease of
water vapor content associated with an increase of both seaice cover and planetary albedo, a feature that suggests the
activation at global scale of the ice-albedo feedback discussed in the introduction. It seems that the activation of
such a feedback provides the transition to the snowball
state. The difference between TOA net fluxes for cloudy
and clear sky conditions, suggests that the cloud radiative
forcing (CRF) is active mainly during the first phase of the
model response, before the drastic reduction of water vapor
content and cloud cover. It is worth noting that the transition
to the ice-covered state may occur even earlier in the model
if a stochastic forcing would be applied, as it has been
shown in Fraedrich (1978) or Sutera (1981).
3.2 Transition to modern snowball earth
Motivated by the above findings, we have investigated if
there is a critical value for CO2 concentration that leads to
the snowball Earth transition. After some trial and error, we
found that CO2 = 20 ppm is a rough estimate of such a
critical value (note that, according to MODTRAN calculations previously discussed, 20 ppm provides about half of
the total contribution of CO2 to the greenhouse radiative
forcing). Above this value, the model, although reaching
very cold global average temperatures, would exhibit icefree subtropics with reasonably warm temperatures. The
critical value was determined by setting the O3 concentration to the same value of the control run. As an example,
we show the same diagnostics above for two values of CO2
content, namely 20 ppm and 30 ppm, respectively.
1.

First, let us analyze the case of 20 ppm. The model
behavior is displayed in Fig. 3a. If we consider the first
200 model years, the model will be in a snowball Earth
regime from year 170–200. To test if, in these
conditions, a sudden increase of CO2 to 2,000 ppm
(a tenfold increase) would restore an ice-free Earth,
after year 200 we set CO2 content to this value.

On the effect of decreasing
Fig. 2 Time evolution of global
annual mean (not area
weighted) surface temperature
(surf. T), cloud radiative forcing
(CRF), cloud cover (cc), column
water vapor content (wv), sea
ice cover (sic) and planetary
albedo (p-albedo) after zeroing
out both CO2 and O3 contents:
a ocean mixed layer depth
hmix = 50; b hmix = 250 m.
Surface temperature and CRF
follow the left axis, while the
other variables the right axis.
Units for surface temperature
and CRF are C and Wm-2,
respectively. Water vapor
content is normalized with
respect to the equilibrium value
of the control run. Vertical
dash-dot lines denote the first
and second phase of the model
solutions
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We gained a modest temperature rise with an equally
modest flux imbalance at TOA, which leads to the
inference that such a state appears to be an irreversible
one, at least in the range of the forcing variation
considered. In illustrating the overall structure of the
model solution, we show the time-latitude diagram of
the zonal mean surface temperature for this run
(Fig. 3b). The time behavior of the temperature field
clearly shows that the gentle slope of the temperature
decreasing in the first 150 years is quickly replaced by
a sudden cooling, mainly driven by the Southern
Hemisphere (SH), leading to the snowball Earth. At the
new equilibrium, the surface albedo (not shown)
averaged over the SH is higher than the one over the
Northern Hemisphere (NH; about 0.68 against 0.6),
suggesting that the asymmetry between the two hemispheres in the sea ice plays a key role in establishing the
snowball state. The result appears consistent with that
of Voigt and Marotzke (2010) when CO2 concentration
is set to 0.1 % of its pre-industrial value. Also the
transition time to the modern snowball Earth is similar,
i.e. about 200 years in our case against about 240 years
found by Voigt and Marotzke (2010).

In our case, despite the large long wave radiative forcing
applied at year 200, the temperature response is so small
that not appreciable change of state is noticed. The icealbedo feedback, in fact, is so dominating that the system
remains in a close neighbor state. It should be noted that
Marotzke and Botzet (2007) found a similar result studying
the transition back from an ice-covered Earth state induced
by an abrupt decrease to near-zero TSI. The authors
showed that by setting today’s TSI and 10 times today’s
atmospheric CO2 level (3,480 ppm) only a small ice retreat
and some reduction in total ice volume can be obtained;
about 100 times today’s atmospheric CO2 concentration
was necessary to break-up the complete ice-covered state.
The latter result is also obtained using the PlaSim by
abruptly increasing CO2 concentration to 36,000 ppm at
year 200: the model solution (here not shown) rapidly
converges to ice-free conditions. In the tropics and midlatitudes, when the snowball state is established, the temperature lapse rate is reduced but still present (not shown).
Moreover, the tropopause height is lower suggesting that
heat transports by baroclinic eddies are more active. In
polar region, instead, the temperature profiles become
almost isothermal. Thus, as discussed by Pierrehumbert

123

656

I. Bordi et al.

cc

surf. T
wv

1

CRF
sic

p−albedo

0

40

(b)

0.8
0.6

−20
0.4

20

60

0
30

latitude

(a) 20

−20

0

−40
−60

−30

−40

−80

0.2

−60

−60
0

50

100

150

200

250

0
300

−100
0

50

100

150

200

250

300

time (year)

time (year)
1

(c) 20

0.6
−20
0.4

20

60

0
30

latitude

0

40

(d)

0.8

−20

0

−40
−60

−30

−40

−80

0.2

−60

−60
0

50

100

150

200

250

0
300

−100
0

50

100

time (year)

150

200

250

300

1

0.4

−40

20

60

0

latitude

0.6

−20

40

(f)

0.8

0

30

−20

0

−40
−60

−30
0.2

−60
50

100

−120

time (year)

(e) 20

0

−120

150

time (year)

0
200

−80
−60

−100
0

50

100

150

200

−120

time (year)

Fig. 3 As in Fig. 2a but with actual ozone content and a CO2 =
20 ppm till year 200, then CO2 = 2,000 ppm, c CO2 = 30 ppm till
year 200, then CO2 = 2,000 ppm, and e CO2 = 30 ppm but without

Q-fluxes. The contour plots on the right (b, d, f) refer to zonal mean
surface temperature as a function of time for the cases shown in
a, c, e, respectively. Units are C

et al. (2011), in the snowball state the efficiency of the
greenhouse effect is strongly reduced, inhibited both by the
temperature lapse rate decrease and drying of the atmosphere, but in our case there is chance of triggering the exit
from the snowball state. This is the reason why a very large
CO2 amount is needed for deglaciation.
It is worth noting that the CO2 concentration of
36,000 ppm corresponds to about 0.04 bar which is much
lower than the thresholds found by some authors for
deglaciation (see for example Caldeira and Kasting 1992 or
Pierrehumbert 2005). We like to point out that such a value
for CO2 amount is not a ‘‘threshold for deglaciation’’ since
different concentrations between 360 and 36,000 ppm have
not been tested (being out of the scope of this study).
Despite this caveat, the detected discrepancy might be due
to the different geographical distribution of continents that

affects climate through surface albedo, to the differences in
the model parameterizations (precipitation, clouds, snow/
ice schemes), or to the model sensitivity to the greenhouse
effect and longwave cloud radiative forcing when CO2 is
increased (for discussion see for example Hu and Yang
2010 and references therein). All these factors, including
the different vertical structure of the temperature field at
the snowball state mentioned above, prevent us from performing a stringent comparison with previous results largely documented in the literature.
Moreover, we notice that also Romanova et al. (2006)
investigated the effect of CO2 change in producing extreme
climates. The authors, using a previous version of PlaSim
with five sigma-levels, considered six CO2 values ranging
from 1 ppm to 1,440 ppm and analysed the model responses. They found that low values of CO2 concentration
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(1, 10 and 25 ppm) are not sufficient to cause a full glaciation of the planet. The origin of the discrepancy with
present results might be due to: (1) the improvements
applied to the model in the recent years (mainly concerning
the precipitation scheme), or (2) the interpretation of the
model solution provided by Romanova et al. (2006). In that
case, the experiments, ‘‘integrated over 50 years when they
reach the equilibrium state’’, might refer to the first phase of
the model response, which lasts for many decades (about
150 years) before the transition to the snowball state and,
therefore, can be confused with a steady state. The last
hypothesis seems to be supported by the values of the
planetary albedo and the spatial distribution of sea ice
shown by Romanova et al. (2006), their Fig. 5) that appear
consistent with the results obtained here during the first
phase of the model solution (Fig. 3a).
2.

Next, let us consider the same set up as before but
CO2 = 30 ppm. Results are summarized in Fig. 3c.
For the first 200 years, the model behavior, apart for
cloud cover, shows features similar to those illustrated
by Lacis et al. (2010), namely there is a single time
scale that controls the whole of the parameters reported
in the figure. In particular, we notice that the sea ice
extension averages to 35 % of the globe, strongly
contrasting with the previous case where this quantity
almost reaches the 67 % limit. Moreover, the switch
on of 2,000 ppm CO2 concentration leads to a very
warm world, leading to the conclusion that, in this
model, as long as the subtropics are ice-free, an
accumulation of CO2 will restore warm climate
conditions. To better illustrate this result, we present
the time-latitude behavior of the zonal mean temperature in Fig. 3d: very warm temperatures extend
beyond the tropics after year 200 (i.e. at the switch
on of 2,000 ppm) and persist there on.

Summarizing, despite the differences in many aspects
between this model and others, we reached similar conclusions: as long as the subtropics are ice-free, radiative
perturbations alone are capable of maintaining the model
climate far from a snowball Earth. In the present model,
these warm tropics are maintained by the combined effect
of greenhouse gases and solar fluxes. In view of the
uncertain parameterization of clouds, it could be possible
that high cirrus clouds, which are known to be transparent
to solar fluxes but opaque to infrared fluxes, might provide
a similar infrared warming as in Rondanelli and Lindzen
(2010).
However, in this picture, there is a caveat we like to
mention, which is related to the role of Q-fluxes that are the
simplistic form to couple the ocean and the atmosphere.
The question is whether the radiative perturbation alone
may drive the global mean surface temperature towards the
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modern snowball Earth. In addressing the effect of
Q-fluxes there is not a better way than to analyze the model
behavior at a given CO2 content and excluding these fluxes.
For CO2 = 30 ppm results are presented in Fig. 3e, f.
Unlike what has been obtained before at this CO2 concentration (Fig. 3c, d), the snowball Earth appears to be the
asymptotic solution. Therefore, the result suggests that the
details of the ocean circulation are important driving features as discussed by Winton (2003). Such an aspect
requires a cautious interpretation of the conclusions, which
are merely based on a passive ocean, or, alternatively, a
highly parameterized one. Similar experiments should be
carried out using a coupled atmosphere–ocean GCM.
Nevertheless, we are allowed to speculate that the climate
state is not simply driven by the radiative forcing because
the ocean–atmosphere heat fluxes play a crucial role.
As a final remark, we notice that the asymmetry between
the two hemispheres, which appears in all model solutions
displayed so far and is further investigated in the following
section, seems to suggest the key role played by the heat
and momentum transports in determining the nature of the
modeled general circulation as investigated in several
studies (see for example Bordi et al. 2004; 2007).

4 A simple underlying energy balance model
In this section we attempt to reduce the degrees of freedom
of PlaSim by employing a simpler energy balance model,
which may help to illustrate the main features presented
above. In particular, we wish to account for:
1.
2.

3.
4.

Two different time scales observed before reaching
what appears to be a bifurcation point and thereafter;
Back-transition from the modern snowball Earth when
the CO2 concentration is set to very large values
keeping the solar constant at the present value;
The radiative perturbation related to the latitude of the
ice margin;
Hemispheric asymmetry: The radiative effect cools
one hemisphere more than the other, as observed in
PlaSim simulations.

The energy balance model approach is introduced followed by its analysis and interpretation of the model
experiments.
4.1 Two time scales near bifurcation
By looking Fig. 3a, it appears that the source of transition
from the control to the snowball state is the change in the
planetary albedo. When the surface temperature crosses the
threshold temperature for ice formation (about 271 K), an
increase of the albedo occurs. In the model, the ice albedo

123

658

I. Bordi et al.

is computed by interpolating between 0.5 and 0.7 as a
function of the ice surface temperature. On the other hand,
the mean value of the planetary albedo in the control run is
about 0.3, while after the time of the CO2 reduction
to 20 ppm it increases up to about 0.6–0.7 (values
approaching 0.7 are found in the SH due to the greater sea
ice cover compared to the NH). The first planetary albedo
change occurs when the global mean surface temperature is
about 263 K (Fig. 3a). A model that well captures this
behavior is the surface energy balance of Budyko-Sellers
(Budyko 1969; Sellers 1969). Budyko (1969) used an
albedo stepwise dependent on the surface temperature, with
a given threshold (about the same temperature of PlaSim).
Although we are aware that in the present climate the
energy balance at the surface is mainly controlled by solar
energy and evaporation, in view that at the low temperatures where the ice-albedo feedback is active there is little
evaporation left, the energy balance seems more related to
the short and long wave radiation. Thus, the simplest
energy balance model (EBM) aping PlaSim is:
C

d
Ts ¼ S0 ½1  aðTs Þ  erTs4
dt

ð5Þ

where C, Ts, S0, a, e and r are the ocean heat capacity, the
surface temperature, the annual global mean amount of
solar radiation reaching the top of the atmosphere, the
planetary albedo, the infrared opacity of the atmosphere,
and the Stefan-Boltzmann constant, respectively. The EBM
proposed here is based on the equation for Ts where the
outgoing longwave radiation (OLR) is expressed as a
function of the surface temperature and the opacity of the
atmosphere; differently from the EBM discussed in Pierrehumbert et al. (2011), where the clear-sky ORL is
computed by an atmospheric radiation model and represented by a low-order polynomial fit, no specific assumptions are made on the vertical profiles of temperature and
humidity.
It should be noted that if the latitudinal dependence of S0
is taken into account, some heat flux should be expected
because motion ensues that might change the ocean’s heat
content, the heating distribution, or both. We shall return to
this point later on.
For a climate steady state, the knowledge of Ts will
allow estimating the atmosphere opacity by knowing S0
and a. As an example, let us consider S0 = 340 Wm-2 and
for the present climate a = 0.3 and Ts = 288 K; for these
values e = 0.61. For a snowball Earth, instead, let us
suppose a = 0.7 and Ts = 211 K (just about the value
reached by the PlaSim after the transition to the snowball
Earth); the steady solution of (5) provides e = 0.9. It is
found that the difference in infrared emission is about 130
Wm-2 (which is about what occurs in PlaSim). Since, by
instantaneously decreasing CO2 to 20 ppm, we increase the
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long wave emission of the atmosphere by just 15 Wm-2,
the rest to reach a snowball Earth has to be provided by
other greenhouse gases, namely water vapor.
Thus, it is of interest to analyze the time-dependent
solution of Ts obtained by integrating Eq. (5). Let us consider the initial value of e be 0.61 and increase it up to 0.9
at a given time rate to mimic the long wave radiative effect
of the CO2 reduction to 20 ppm where the transition to
snowball Earth occurs. Moreover, let be S0 = 340 Wm-2,
C = 7 Wm-2 K-1 year (the ocean heat capacity estimated
for an ocean depth of 50 m) and the albedo a hyperbolic
tangent function of Ts ranging from 0.3 to 0.7 (see
Table 1). The transition from low albedo values to the
higher value of 0.7 occurs for Ts crossing the threshold of
-20 C. For this parameter setting, the time-dependent
solution of Eq. (5) is that shown in Fig. 4. As can be noted
the surface temperature (after adjusting to perturbation)
decreases almost linearly from its initial value of about
15 C toward about -10 C and then, when it crosses the
threshold of the major albedo change at -20 C, it quickly
decreases to about -60 C. The latter will be the equilibrium temperature if all parameters are kept constant from
then on. From a qualitative comparison of Fig. 3a (first
200 years) with Fig. 4, it emerges that the simple EBM is
able to capture the basic features of the surface temperature
behavior provided by PlaSim, i.e. the two different time
scales characterizing the temperature decline. The first part
of the temperature decline appears to be related to the
change of the opacity e and the sharp increase of the
planetary albedo, while the second is mainly controlled by
the rapid change of the planetary albedo toward its higher
value (ice-albedo feedback).
4.2 Back transition from snowball earth
Now, let us investigate the second question concerning the
transition back from the ice-covered Earth state. As is well
known, for the model described by (5) there is a range of
the parameter e (or S0) wherein the two stable solutions
snowball Earth and more temperate planet co-exist. This
range depends on both the threshold temperature at which
the planetary albedo changes and the sharpness of this
transition. In order to illustrate these features, we present in
Fig. 5 the steady states (Ts) of the EBM when e is varied
Table 1 Parameter setting used for computing the time behavior of
Ts by integrating Eq. (5) with e varying linearly from 0.61 to 0.9
(Fig. 4)
S0 (Wm-2)

a (dimensionless)

C (Wm-2 K-1 year)

340

0.5 ? 0.2 tanh ((–20–Ts)/10)

7

with Ts in C
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Fig. 4 Time evolution of the surface temperature Ts obtained by
integrating the 0-dimensional energy balance model Eq. (5) for the
opacity e varying linearly from 0.61 to 0.9. The parameters settings
are listed in Table 1

back and forth within the interval 0.2–0.9. Black line in the
figure is obtained by parameterizing the planetary albedo as
a step function of values 0.3 and 0.7, with the transition
between these boundary values occurring at the threshold
surface temperature Tt = -10 C. Blue and red lines,
instead, correspond to the albedo parameterized through a
hyperbolic tangent function centered at Tt = -10 C and
Tt = -20 C, respectively (see Table 2). The figure shows
the predictive value of the EBM. It shows that if the system
is in a snowball state, and if we increase a greenhouse gas

Fig. 5 Steady solutions of
Eq. (5) for the surface
temperature Ts as a function of e
varying back and forth in the
interval 0.2–0.9. The shape of
the planetary albedo is specified
in Table 2. Arrows denote the
direction of variation of e. Units
are dimensionless and degree C
for e and Ts, respectively

such as CO2, we might escape from this state provided that
the associated radiative forcing e reaches the threshold
value identified by the lower branch of the hysteresis
curves shown in Fig. 5. Moreover, it is predicted that the
new state will be a great deal warmer than what is expected
because we must add also the water vapor effect that
dominates once the evaporation has been re-established.
This behavior involves the insulating nature of ice that has
been discussed in the context of long-term climate change
by Saltzman and Sutera (1984). Also, it is worth noticing
that the rate of approach to the two steady state branches is
just a consequence of the sharpness of the albedo change
associated with the ice-albedo feedback activation or disactivation. In particular, from Fig. 5 (red line) it is found
that the transition from the snowball Earth to ice-free
solution can occur for e = 0.59 in case of Tt = -20 C.
This value of the greenhouse forcing must be provided by
adding just CO2, since the water vapor effect is forbidden
by the lack of evaporation. This explains the large value of
CO2 concentration needed in the PlaSim for the transition
back from the ice-covered state.
4.3 Radiation: ice margin relation
The latitudinal dependence of the ice line cannot be
accounted by the 0-dimensional EBM discussed so far.
However, we may formulate a surface energy budget that
takes into account this feature including a simple parameterization of heat fluxes. For this purpose, we use the
model described in Lindzen (1990):
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Fig. 5

Tt (C)

a (Dimensionless)

Black line

Tt = -10 C

a = 0.7 (Ts [ Tt)

Blue line
Red line

Tt = -10 C
Tt = -20 C

a = 0.5 ? 0.2 tanh ((Tt-Ts)/10)

a = 0.3 (Ts \ Tt)

C

d
Ts ¼ S0 ½1  aðTs Þ  erTs4 þ FðTs Þ
dt

ð6Þ

with
FðTs Þ ¼ b ðTsp  Ts Þ
erTs4 ﬃ e ðA þ BTs Þ
where Tsp and b are the global mean surface temperature
and the heat-flux coefficient, respectively. Notice that the
outgoing long wave flux parameterization consists just in
the first two terms of the binomial expansion of T4s around
the reference temperature of 273 K; the coefficients A and
B are estimated for e = 1 (A = 315 Wm-2, B = 4.6
Wm-2C-1) and Ts is in degree Celsius. For S0 we use the
annual average as in North (1975):



1367
0:477  2
1
3x  1 ;
S0 ¼
ð7Þ
4
2
where x = sin(/) with / the latitude.
Let be the ice margin denoted by xs and Ts (xs) =
-10 C, while b = 2.2 Wm-2C-1 so that for e = 0.61
(present climate conditions) xs = 0.95. The planetary
albedo is the step function introduced before assuming the
values a1 = 0.3 and a2 = 0.62 below and above the ice
margin, respectively, while a (xs) = (a1 ? a2)/2. The value
of a2 has been chosen to be the averaged surface ice albedo
in the Northern Hemisphere (NH) for the snowball Earth
state as results from the PlaSim simulations.
The global mean surface temperature is given by:

Z1 
S0 ð x Þ ð 1  að x Þ Þ A
Tsp ¼

dx
eB
B

ð8Þ

0

Normally, we expect that the ice margin moves towards
the equator (x = 0) as the radiative forcing e increases and
vice versa. The presence of heat transports should
destabilize this unique relationship (ice cap instability) by
introducing a critical ice margin xcs so that for any x \ xcs
there is only the snowball solution. Thus, we are interested
to study the behavior of e as a function of xs letting all the
other parameters fixed. It turns out that by evaluating
Eq. (6) at xs (with C = 0, steady state condition), e must
satisfy the following equation:
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K 1 e2 þ K 2 e þ K 3 ¼ 0

ð9Þ

where the coefficients Ki (i = 1, 2, 3) are functions of the
parameters evaluated at a given xs. In Fig. 6 (black lines)
the solutions of Eq. (9) as a function of xs are shown in case
of b = 0 (solid line) and b = 0 (dashed line). It is worth
noting that for a given xs Eq. (9) has two real solutions and
the negative one must be excluded since e is positive
defined. From the figure it can be noted that in case of no
heat transports for each value of e ranging in the interval
0.35–0.85 (note roughly the same range identified in Fig. 5,
black line, by the bifurcation points) there is a unique vale
of xs. When the heat transports are active on the system,
they cool the equatorial regions and warm the polar ones.
This implies that lower values of e are enough to allow the
ice to advance towards the tropics, while the opposite holds
at high latitudes. Moreover, it appears that a critical xs
exists for which the solution is in a snowball state (the ice
forms also in the tropics). In our case, xcs , which corresponds to the maximum values of e, is about 0.32, say
18.7 N: this is the critical latitude beyond which the ice
extends to the equator. Moreover, it appears that for e
between 0.7 and 0.74 (maximum value) two ice margins
satisfy Eq. (9). Since the heat fluxes introduce a critical ice
margin so that the ice can form also in the tropics, they can
0.85

0.8

0.75

0.7

0.65

ε

Table 2 The planetary albedo dependence on Ts and on the threshold
Tt used for computing the steady states of Eq. (5) as a function of e
(Fig. 5)
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Fig. 6 Radiative forcing e as a function of the ice margin xs (solution
of Eq. (9)) for b = 0 and a2 = 0.62 (solid black line), b [ 0 and
a2 = 0.62 (dashed black line), b [ 0 and a2 = 0.7 (solid red line).
Asterisks denote the maximum of the curves for b [ 0. Units are
dimensionless
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be considered a key parameter for the transition to snowball state and vice versa.
4.4 Hemispheric asymmetry
Since in the SH the surface albedo of the ice is expected to
be higher than in the NH (as supported by the PlaSim
simulation when the ice-covered state is reached), let us
consider the solution of Eq. (9) with the same heat transports but a2 = 0.7 (red dashed line in Fig. 6). In this case,
the range of variability of the radiative forcing associated
with the ice margin is reduced and, most importantly, the
critical ice margin is changed to xcs = 0.45, which corresponds to about 26.7 N. This means that the snowball Earth
solution is reached more rapidly for a higher value of a2
because the critical latitude of the ice margin is moved
poleward. This explains the asymmetric solution of PlaSim
between NH and SH, which is particularly evident when O3
is removed. Concluding, the origin of the asymmetric
response between the NH and SH lies in the different ice
albedo of the two hemispheres.

5 Conclusions
In the present paper we have studied the effect of a sudden
decrease of atmospheric trace gases that interact with
thermal radiation. We found the following:
•

•

•

If the model has bifurcation points, its behavior
depends crucially on the exact amount of the gases’
concentrations as long as their effect on water vapor is
significant. The climate model used shows the existence
of a threshold value for CO2 concentration leading to
the transition to the modern snowball Earth;
The oceanic Q-flux, although globally averaging to
zero, has a crucial role on the thermodynamic state of
the planet when a sudden increase in the outgoing
infrared radiation is applied on it. A better representation of these fluxes may, however, modify this
conclusion;
The model response of the thermal field has a great
degree of simplicity; that is, when long time scales are
analyzed, the chaotic nature of the actual solution is
averaged out (Held et al. 2010) and only residuals
emerge. In this case, a simple energy budget at the
surface can account for most of the model response.

It is worth noting that the sensitivity analysis for
dynamic systems, supposed to be in a steady state, to small
variations of the external forcing would be misleading
when the system has a few steady states. In this case, in
fact, a small change in the forcing (for example around the
CO2 threshold) could lead to a dramatic change in the
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steady state so that the analysis would not be able to capture the complexity of the system response.
Further analyses using a coupled atmosphere–ocean
GCM and different parameterizations of clouds should be
performed. These will be topics for future studies.
Acknowledgments Support by the Max Planck Society is
acknowledged (KF).
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